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๏ Use one set of domain geometry for both NAAS12-Z and NAAS12-H. 

๏ Position of northern boundary chosen to reflect positions of, e.g., boundary 
currents. Crucially, the boundary is well clear of tidal amphidromes, to allow 
for better simulation of the tides in NAAS12-H. 

๏ High tidal energy in places along northern boundary in initial z level tests 
(Maria Luneva) - might need to move norther boundary in hybrid coordinate 
version. 

๏ ECCOv4 climatology on the northern boundary. CORE2 at the surface 
(today normal year forcing).

Placement of the Northern Boundary
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๏ After seven years the eddy field has spread around most of the domain 
and is started its job of modifying the stratification. 

๏ These panels are a 1 day mean from the end of December in model year 7 
(1954).



Relative Vorticity (s-1) Sea Surface KE (log10 cm2s-1)

๏ After seven years the eddy field has spread around most of the domain 
and is started its job of modifying the stratification. 

๏ These panels are a 1 day mean from the end of December in model year 7 
(1954).
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๏ After seven years the eddy field has spread around most of the domain 
and is started its job of modifying the stratification. 

๏ These panels are a 1 day mean from the end of December in model year 7 
(1954).
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Meredith et al. (2011)

Donohue et al. (2016)

๏ After seven years the eddy field has spread around most of the domain 
and is started its job of modifying the stratification. 

๏ These panels are a 1 day mean from the end of December in model year 7 
(1954).



๏ The Southern Ocean surface EKE field is quite well observed thanks to 
satellite altimetry. The combination of data from multiple missions gives a 
circumpolar polar picture of reasonable resolution. This is typically taken as 
an underestimate of the actual EKE.

time of year, with Niño-3.4 warm events peaking slightly
more often between October and February. Additional
analyses (not shown) indicate that the Niño-3.4 phase
locking is somewhat improved in CM2.5, with an en-
hanced tendency for warm events to peak in December
and for cold events to peak in December–January; how-
ever, the locking remains weaker and later than observed.
In the Niño-3 region, which sits slightly farther east, the
event histogram in CM2.5 (not shown) actually displays
semiannual peaks (as did CM2.1), with warm events
peaking any time of year but preferentially in July–
August or January–February, and cold events inAugust–
September or January–February. This is quite unlike the
observations, which exhibit a clear locking of warm events
to the end of the calendar year in both Niño-3.4 and
Niño-3. The semiannual locking of Niño-3 SSTAs
in CM2.1 and CM2.5 may arise from the unrealistic

north–south alternation of the ITCZ about the equator
in the eastern Pacific in both simulations, which pro-
duces a seasonal reversal of the meridional winds and an
associated semiannual cycle in evaporation, rainfall, and
currents near the equator. Despite the improved tropical
Pacific climatology in CM2.5, it may be that CM2.5’s
(realistically) weaker ENSO events remain unable to
produce sufficient SSTAs in the eastern Pacific to interact
strongly with the seasonal cycle of convection, resulting in
weaker ENSO phase locking than observed.
The shorter ENSO period in CM2.5 may be linked to

a change in the structure of the wind stress response to
SSTAs (not shown). Compared to CM2.1, in CM2.5 the
equatorial westerly wind stress anomalies that develop
near the date line during warm events are meridionally
narrower and more trapped in the west, especially on
their southern flank. Studies have shown that models

FIG. 14. Maps of the logarithm of EKE (cm2 s22) for (a) observations, (b) CM2.1, (c) CM2.5, and (d) CM2.6. In
these calculations we start from sea surface height, available directly from the model simulations, and from satellite
altimetry in the observations (Le Traon et al. 1998). Instantaneous values taken every 7 days are used. The period
2002–06 is used for the observations, and years 6–10 for themodels. The sea surface heights are used to compute near-
surface currents using geostrophy. Eddy velocities are computed as deviations from the long-term mean, from which
EKE is then calculated and plotted on a logarithmic scale. No values are plotted within 58 of the equator, since the
geostrophic approximation is not fully valid there.
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Logarithm of EKE (cm2s-2) from satellite altimetry (Le Traon et al., 1998).
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and for cold events to peak in December–January; how-
ever, the locking remains weaker and later than observed.
In the Niño-3 region, which sits slightly farther east, the
event histogram in CM2.5 (not shown) actually displays
semiannual peaks (as did CM2.1), with warm events
peaking any time of year but preferentially in July–
August or January–February, and cold events inAugust–
September or January–February. This is quite unlike the
observations, which exhibit a clear locking of warm events
to the end of the calendar year in both Niño-3.4 and
Niño-3. The semiannual locking of Niño-3 SSTAs
in CM2.1 and CM2.5 may arise from the unrealistic

north–south alternation of the ITCZ about the equator
in the eastern Pacific in both simulations, which pro-
duces a seasonal reversal of the meridional winds and an
associated semiannual cycle in evaporation, rainfall, and
currents near the equator. Despite the improved tropical
Pacific climatology in CM2.5, it may be that CM2.5’s
(realistically) weaker ENSO events remain unable to
produce sufficient SSTAs in the eastern Pacific to interact
strongly with the seasonal cycle of convection, resulting in
weaker ENSO phase locking than observed.
The shorter ENSO period in CM2.5 may be linked to

a change in the structure of the wind stress response to
SSTAs (not shown). Compared to CM2.1, in CM2.5 the
equatorial westerly wind stress anomalies that develop
near the date line during warm events are meridionally
narrower and more trapped in the west, especially on
their southern flank. Studies have shown that models

FIG. 14. Maps of the logarithm of EKE (cm2 s22) for (a) observations, (b) CM2.1, (c) CM2.5, and (d) CM2.6. In
these calculations we start from sea surface height, available directly from the model simulations, and from satellite
altimetry in the observations (Le Traon et al. 1998). Instantaneous values taken every 7 days are used. The period
2002–06 is used for the observations, and years 6–10 for themodels. The sea surface heights are used to compute near-
surface currents using geostrophy. Eddy velocities are computed as deviations from the long-term mean, from which
EKE is then calculated and plotted on a logarithmic scale. No values are plotted within 58 of the equator, since the
geostrophic approximation is not fully valid there.
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Fig. 5 Global map of eddy kinetic energy (in cm2 s−2) in simulations G22 (3-year mean) and from satellite altimetry (Topex/Poseidon and
ERS; Ducet et al. 2000)
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๏ Models with ~1/4o grid spacing have consistently weaker EKE than the 
altimetry estimate. Details vary, but usually within a factor of 2 in the SO 
(e.g. Barnier et al., 2006; Penduff et al., 2010; Volkov et al., 2010; Delworth 
et al., 2012; Dufour et al., 2012; Spence et al., 2012).

Fig. 5 Global map of eddy kinetic energy (in cm2 s−2) in simulations G22 (3-year mean) and from satellite altimetry (Topex/Poseidon and
ERS; Ducet et al. 2000)
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(Gill 1982), where R is baroclinic Rossby radius and L is
the characteristic eddy scale. For flows withL.R, most
of the energy is confined into potential form. Hence, it is
not uncommon for eddy-permitting models with com-
parable resolution to underestimate EKE (Jayne and
Marotzke 2002). This is a necessary sacrifice when it
comes to multidecadal simulations. The largest contri-
butions to the EKE in both models are found in the
Agulhas retroflection (408S) and near topographic fea-
tures in the North Scotia Ridge (558–608S), the Crozet
and Kerguelen Plateaus (488–558S), and the Campbell
Plateau (558S).
However, even though the simulations underestimate

the EKE, the SO eddy heat transport generated by the
horizontal circulation is reasonably close to the ocean
data synthesis estimate of Volkov et al. (2010) (Fig. 3). It
is also close to the net SO eddy heat transport simulated
by other eddy permittingmodels (e.g., Jayne andMarotzke
2002; Meijers et al. 2007). Note that the eddy MHT as-
sociated with overturning circulation is found to be very
small (i.e., ,0.05 PW; see section 3a and Figs. 5a,b) in
PERIANT025, the ESCM, and the ocean data synthesis
estimate of Volkov et al. (2010). Estimates of the eddy
heat transport across streamlines of the ACC are in the
range of 0.3–0.9 PW (Gille 2003), but purely observa-
tional estimates of SO eddy MHT are currently un-
available. The SOEKEof theVolkov et al. (2010) ocean
data synthesis product is near the satellite altimetry es-
timate (Fig. 3). This implies that the eddies not resolved

by the models (i.e., those with L ; R) are not a major
component of SO eddy heat transport, at least in the way
it is defined by Volkov et al. (2010).
While eddy-permitting models, such as those em-

ployed here, are expected to underestimate EKE, they
may still capture a good portion of the observed eddy
heat transport if they simulate the eddy-induced stream-
function C * and ocean stratification reasonably well.
This follows since C * can be defined as C *5 (y9b9)/›zb
(e.g., Karsten and Marshall 2002), so that the meridi-
onal eddy buoyancy transport is y9b95 C *N2, with b and
N being buoyancy and mean buoyancy frequency, re-
spectively. Figure 4 shows the profiles of N2 in the South-
ern Ocean averaged between 608 and 508S as simulated
by the ESCMand PERIANT025 along with that derived
from the observational atlases of Levitus (Locarnini
et al. 2010; Antonov et al. 2010). The models are shown
to capture the mean observed stratification in the
Southern Ocean reasonably well. The PERIANT025
simulation compares more favorably to the observed
values near the surface than the ESCM simulation, since
PERIANT025 is constrained by observationally based
surface fluxes and has a more refined vertical resolution
than the ESCM.
Unfortunately, jC *j remains a difficult quantity to

derive from observations. Using the SSH data from
Ocean Topography Experiment (TOPEX)/Poseidon
and Levitus climatology, Karsten and Marshall (2002)
estimated themaximum jC *j transport to be about 30 Sv.
This value is larger than ESCM’s value of maximum jC *j

FIG. 3. On the left axis are zonally averaged near-surface EKE in
the ESCM_CNTRL (black) and PER_CNTRL (yellow) runs and
estimates from the ocean data synthesis product of Volkov et al.
(2010) (magenta) and from TOPEX/Poseidon satellite altimetry
(green; Ducet et al. 2000). On the right axis are zonally averaged
and vertically integrated SO transient MHT by the horizontal cir-
culation for the ESCM_CNTRL (cyan) and PER_CNTRL (blue)
run and estimates from the ocean data synthesis product of Volkov
et al. (2010) (red).

FIG. 4. Profile of the annual-mean buoyancy frequency squared,
N2 5 2(g/ro)›zs2, where g is the gravitational acceleration, ro is
a seawater reference density, and s2 is the seawater specific po-
tential density referenced to 2000-m depth. The profiles are aver-
aged in the SO between 608 and 508S. The N2 profiles as simulated
by the ESCM and PERIANT025 are shown, along with that de-
rived from the observational atlases of Levitus (Locarnini et al.
2010; Antonov et al. 2010).
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Figure 1 | Seasonal cycle of MLD. a,b, Summer (January) (a) and winter (August) (b) mean depth of the Southern Ocean mixed layer. c,d, First empirical
orthogonal function (EOF 1) mode showing the seasonal cycle (88% of the total variance). The asterisk represents the geographic South Pole.

layer between January and September, before warming during
spring and early summer rapidly re-establishes the shallow summer
mixed layer. The amplitude of the seasonal cycle exceeds 400m in
some locations north of the ACC.

The intraseasonal and interannual variability of MLD about
this large seasonal cycle is substantial, with values exceeding
several hundred metres and a standard deviation for the whole
Southern Ocean (35�–65�S) of 20m in summer and 60m in
winter. The Argo time series is too short to allow a direct
estimate of the influence of low-frequency climate variability on
MLD. However, the response of the mixed layer to variations in
forcing on shorter timescales can provide physical insight into the
dynamical processes linking MLD changes to changes in forcing.
Here we relate MLD anomalies to a monthly index of the SAM to
investigate this relationship.

Composites of MLD anomalies during positive and negative
events of the SAM show a clear spatial pattern, suggesting marked
variability in the MLD: an average of ±100m during positive
or negative SAM events (Fig. 2c,d). We find a strongly non-
zonal pattern: the MLD anomaly during positive SAM events
shows a roughly wave-3 pattern, with a deepening over the
eastern Indian Ocean (100�–140� E) and the central Pacific Ocean
(100�–140� W) and a shallowing of the mixed layer in the western
Pacific Ocean (140� E–140� W). A direct SAM–MLD relationship
is supported by the negative SAM composite, which shows an
opposite response of the MLD (Fig. 2d). We note that the SAM
during theArgo period (2002–2009) has produced a similar number

of positive and negative events, thus covering the whole period
fairly evenly (Fig. 2a). Moreover, this relationship is consistent
over the whole year, although anomalies associated with the SAM
are substantially larger in winter, when layers are deeper, than
in summer (approximately ±50m variability during positive or
negative SAM in summer and±150m in winter).

Many recent studies have pointed out the importance of the
El Niño–Southern Oscillation (ENSO) climate variability to the
Southern-Hemisphere climate9,15,24,25. Therefore, a similar analysis
was made to investigate the effect of ENSO on the MLD. However,
ENSO is associated with longer timescales, so fewer events fall in the
period 2002–2009 (⇥2 of each polarity; see Fig. 2b). No significant
results could be extracted at this time.

Forcing mechanisms
The response of the Southern Ocean to the SAM has been
widely investigated7–9,14. Owing to the paucity of data, studies
examining the mixed layer or the interior structure of the ocean
have mainly drawn on the results of models. These studies have
generally shown a zonal response of the MLD to the SAM, driven
by zonally symmetric Ekman pumping anomalies and Ekman
heat transport due to a strengthening of the westerly winds. In
contrast, our observations indicate a strongly non-zonal response
of the MLD to the SAM.

To determine the physical mechanism driving the non-zonal
response, we examined the air–sea heat-flux pattern associated
with the SAM (Fig. 3). As expected, the Ekman heat-flux anomaly
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๏ Southern Ocean mixed layer depth from Argo floats by Sallée et al. (2010)  

๏ Summer mixed layers are shallow, ~100m, but relatively zonally uniform. 

๏ Deepening in winter is primarily in the Indo-Pacific.
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๏ These are the same criteria applied to density; difference of 0.03kgm-3 from 
10m depth.
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๏ These are the same criteria applied to density; difference of 0.03kgm-3 from 
10m depth.
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๏ Temperature variance minimum within ACC 
core region.
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๏ More gentle initialisation of the ice field and hydrography results in better 
maintenance of low salinities in the ACC core.
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๏ More gentle initialisation of the ice field and hydrography results in better 
maintenance of low salinities in the ACC core.



Age Tracers

๏ Numerical issues with the age tracer at the northern boundary, led to infinite 
values. 

๏ Two age tracers - one reset to zero at the surface & the northern boundary, 
the other just at the northern boundary.

Surface & Northern Boundary Age Tracer Surface & Northern Boundary Age Tracer
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Surface Wind Stress & Power Input
Zonal Wind Stress Meridional Wind stressTotal Power Input

๏ Reynolds average the power input to divide into the power input from the 
mean wind/mean surface flow and variable wind/surface flow.

τ ⋅ u = τ ⋅ u + τ′� ⋅ u′�

Mean Power Input Eddy Power Input

๏ Total power input from the wind is 0.95TW, 
with ~60% from the mean wind.



Southern Ocean Residual Overturning

therefore expect that conclusions drawn from our model
about the MOC can still apply to the real Southern
Ocean, especially to the portion of the flow that occurs
above major topographic features.

d. Residual overturning circulation

To diagnose the residual MOC, we computed a stream-
function from the time- and zonal-mean transport in iso-
pycnal layers, defined as

C iso(y,b)5
1

Dt

ðt
0
1Dt

t0

ð ðb

0
(yh) db9 dx dt, (7)

where h 5 2›z/›b is the layer thickness and b9 is a
dummy variable of integration. (In practice, the average
was performed in 22 discrete, uniformly spaced tem-
perature layers.) This technique has becomewidely used
for diagnosing transport in the presence of eddies (Döös
andWebb 1994; Henning and Vallis 2005; Hallberg and
Gnanadesikan 2006; Wolfe and Cessi 2009, 2010). The
transport thus computed includes both the Eulerian-
mean (Ekman) transport and the eddy-driven compo-
nent. We can map this streamfunction into z coordinates
by using themean depth of buoyancy surfaces, C iso(y,b)5
C iso[y, b(y, z)]. The leading-order equivalence between
C iso in z coordinates and the transformed Eulerian-mean
(TEM) residual circulation is well documented (Andrews
et al. 1987; McIntosh and McDougall 1996; see section 4
for more on TEM theory). The most climate-relevant
quantity is C iso, because it describes the circulation that
advects tracers such as heat and carbon. Henceforth,
when we refer to theMOC, we will generally be talking
about C iso as defined in (7).

The MOC is characterized by three distinct cells, as
shown in Fig. 3. In the interior of the domain, away from
the surface and the sponge layer, the MOC is directed
along mean isopycnals: that is, C iso 5C iso(b). Although
the circulation is highly idealized, it shares several im-
portant features with the real Southern Ocean MOC, as
described, for example, by Rintoul et al. (2001), Lumpkin
and Speer (2007), Talley (2008), or Marshall and Speer
(2011). The magnitude of C iso (; 0.5 Sv) is realistic: if
our channel were as long as the real Southern Ocean
(a factor of about 25), the transport would be roughly
12 Sv. The broad upwelling band at middepth can be
thought of as NADW–CDW. This upwelling water
splits into two separate cells. The upper branch travels
north, eventually encountering a region of cooling and
subduction. The subduction in this northern region along
the 48C isotherm, driven by surface heat loss and ac-
companied by low values of Ertel potential vorticity, is
reminiscent of SAMW–AAIW formation (McCartney
1977; McCarthy and Talley 1999). The water associated
with downwelling in the far south of the domain re-
sembles AABW in some respects; it is formed by
buoyancy loss and is the coldest, densest water in the
model. Given the complex physics of AABW forma-
tion on the continental shelf, the fact that much of the
AABW circulates at depths blocked by topography,
and the importance of diapycnal mixing for the lower
limb overturning (Ito and Marshall 2008), this lower
cell is not meant to be a truly realistic representation of
AABW. All the overturning cells have an adiabatic
pathway in the ocean interior and close diabatically in the
sponge layer.
The surface heat flux is specified as a fixed function

of latitude; consequently, the heat flux is felt by all

FIG. 3. The residual MOC streamfunction C iso (left) as originally diagnosed in isopycnal coordinates and (right)
mapped back to depth coordinates. The units are Sv, and the contour interval is 0.1 Sv. The solid black line in (left)
indicates the mean SST, and the gray lines are the 5% [in (left) only] and 95% levels of the SST CDF. The dotted
black is the southern boundary of the sponge layer. The mean T contours are also shown in (right) in black, and the
contour interval is 0.58C.
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0.4 Sv; MOCupper is quite weak for the weakest winds
(t0 5 0.05 and 0.1 N m22), but for the rest of the ex-
periments (0.125 N m22$ t0$ 0.3 N m22), the changes
in MOCupper are slight: it increases only from 0.5 to
0.6 Sv over this range. The linear fit for ›MOCupper/›t0
(Table 2) shows a sensitivity 1/4 of that of the Ekman
circulation. Examination of the structure of Ciso show
that, for weak winds, the upper cell becomes confined
more andmore to the surface diabatic layer and does not
reach the interior. Because MOClower does not change,
MOCupwell follows the changes in MOCupper. The small
changes in residual MOC reflect the fact that, as the
magnitude of C increases with the wind, Ceddy also

strengthens (becoming increasingly negative), leading to
a high degree of compensation between mean and eddy
circulations.

2) RELAXATION BOUNDARY CONDITION

We implement the interactive boundary condition
in the MITgcm by relaxing the temperature in the top
model level, referred to as Ts, to a prescribed function of
latitudeT*(y). For the base-case winds (t05 0.2 N m22),
we wish to have the same effective heat flux as the fixed-
flux reference case described above. For a layer of depth
Dz subject to relaxation at a rate l, the effective heat
flux is

Qeff 5 2Dzr0cpl(Ts 2 T*). (9)

We chose a relaxation time scale of l 5 30 day21.1

Given Ts from the base-case fixed-flux experiment, the
desired heat flux Q [Eq. (1)], and Dz 5 10 m, this ex-
pression can be rearranged to find T*. As expected,
when the t0 5 0.2 N m22 simulation is run with this
forcing, it reaches the same equilibrium as the base-case
fixed-flux state described in the previous section, with
the same MOC transport, because the heat flux felt by
the ocean is nearly unchanged. However, when t0 is
changed, Ts can and does change, resulting in an altered
air–sea heat flux and, evidently, greater sensitivity of
Ciso to the winds.
The results of these experiments are also shown in

Fig. 5. The changes are significantly larger than the fixed-
flux case. Both MOCupper and MOClower increase with
stronger winds; this means a strengthening of the upper
cell (because it is positive: i.e., clockwise) and a weaken-
ing of the lower (negative, counterclockwise) cell. The
linear fit (Table 2) shows thatMOCupper is nearly twice as
sensitive as the fixed-flux case. Because the changes inC
are the same under both boundary conditions, the higher
sensitivity implies that the magnitude Ceddy is not as
sensitive to t0, leading to less compensation.
Viebahn and Eden (2010) performed a very similar

experiment, simulating only an upper cell and using a
relaxation boundary condition for buoyancy. Their re-
sults are broadly consistent with ours: a sensitivity of the
residual circulation much weaker than the sensitivity
of the Ekman circulation. However, they observed de-
creasing sensitivity with increasing winds, whereas the
trend in our MOCupper appears quite linear. This quali-
tative difference is most likely attributable to the differ-
ent northern boundary; they had a small, unforced basin

FIG. 5. A summary of theMOC cell strength in all of the different
experiments. The Ekman circulation C is shown in black, and the
residual circulations of the various MOC cells (upper, lower, and net
upwelling) are plotted in color. Fixed-surface-flux experiments are
represented in blue; surface-relaxation experiments are represented
in orange. The shapes correspond to the values of MOClower,
MOCupper, and MOCupwell. The reference case, t0 5 0.2 N m22, is
indicated by the dotted line.

1 This choice of parameters corresponds to a sensitivity of
›Qeff/›Ts ; 15 W m22 K21.
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therefore expect that conclusions drawn from our model
about the MOC can still apply to the real Southern
Ocean, especially to the portion of the flow that occurs
above major topographic features.

d. Residual overturning circulation

To diagnose the residual MOC, we computed a stream-
function from the time- and zonal-mean transport in iso-
pycnal layers, defined as

C iso(y,b)5
1

Dt

ðt
0
1Dt

t0

ð ðb

0
(yh) db9 dx dt, (7)

where h 5 2›z/›b is the layer thickness and b9 is a
dummy variable of integration. (In practice, the average
was performed in 22 discrete, uniformly spaced tem-
perature layers.) This technique has becomewidely used
for diagnosing transport in the presence of eddies (Döös
andWebb 1994; Henning and Vallis 2005; Hallberg and
Gnanadesikan 2006; Wolfe and Cessi 2009, 2010). The
transport thus computed includes both the Eulerian-
mean (Ekman) transport and the eddy-driven compo-
nent. We can map this streamfunction into z coordinates
by using themean depth of buoyancy surfaces, C iso(y,b)5
C iso[y, b(y, z)]. The leading-order equivalence between
C iso in z coordinates and the transformed Eulerian-mean
(TEM) residual circulation is well documented (Andrews
et al. 1987; McIntosh and McDougall 1996; see section 4
for more on TEM theory). The most climate-relevant
quantity is C iso, because it describes the circulation that
advects tracers such as heat and carbon. Henceforth,
when we refer to theMOC, we will generally be talking
about C iso as defined in (7).

The MOC is characterized by three distinct cells, as
shown in Fig. 3. In the interior of the domain, away from
the surface and the sponge layer, the MOC is directed
along mean isopycnals: that is, C iso 5C iso(b). Although
the circulation is highly idealized, it shares several im-
portant features with the real Southern Ocean MOC, as
described, for example, by Rintoul et al. (2001), Lumpkin
and Speer (2007), Talley (2008), or Marshall and Speer
(2011). The magnitude of C iso (; 0.5 Sv) is realistic: if
our channel were as long as the real Southern Ocean
(a factor of about 25), the transport would be roughly
12 Sv. The broad upwelling band at middepth can be
thought of as NADW–CDW. This upwelling water
splits into two separate cells. The upper branch travels
north, eventually encountering a region of cooling and
subduction. The subduction in this northern region along
the 48C isotherm, driven by surface heat loss and ac-
companied by low values of Ertel potential vorticity, is
reminiscent of SAMW–AAIW formation (McCartney
1977; McCarthy and Talley 1999). The water associated
with downwelling in the far south of the domain re-
sembles AABW in some respects; it is formed by
buoyancy loss and is the coldest, densest water in the
model. Given the complex physics of AABW forma-
tion on the continental shelf, the fact that much of the
AABW circulates at depths blocked by topography,
and the importance of diapycnal mixing for the lower
limb overturning (Ito and Marshall 2008), this lower
cell is not meant to be a truly realistic representation of
AABW. All the overturning cells have an adiabatic
pathway in the ocean interior and close diabatically in the
sponge layer.
The surface heat flux is specified as a fixed function

of latitude; consequently, the heat flux is felt by all

FIG. 3. The residual MOC streamfunction C iso (left) as originally diagnosed in isopycnal coordinates and (right)
mapped back to depth coordinates. The units are Sv, and the contour interval is 0.1 Sv. The solid black line in (left)
indicates the mean SST, and the gray lines are the 5% [in (left) only] and 95% levels of the SST CDF. The dotted
black is the southern boundary of the sponge layer. The mean T contours are also shown in (right) in black, and the
contour interval is 0.58C.
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0.4 Sv; MOCupper is quite weak for the weakest winds
(t0 5 0.05 and 0.1 N m22), but for the rest of the ex-
periments (0.125 N m22$ t0$ 0.3 N m22), the changes
in MOCupper are slight: it increases only from 0.5 to
0.6 Sv over this range. The linear fit for ›MOCupper/›t0
(Table 2) shows a sensitivity 1/4 of that of the Ekman
circulation. Examination of the structure of Ciso show
that, for weak winds, the upper cell becomes confined
more andmore to the surface diabatic layer and does not
reach the interior. Because MOClower does not change,
MOCupwell follows the changes in MOCupper. The small
changes in residual MOC reflect the fact that, as the
magnitude of C increases with the wind, Ceddy also

strengthens (becoming increasingly negative), leading to
a high degree of compensation between mean and eddy
circulations.

2) RELAXATION BOUNDARY CONDITION

We implement the interactive boundary condition
in the MITgcm by relaxing the temperature in the top
model level, referred to as Ts, to a prescribed function of
latitudeT*(y). For the base-case winds (t05 0.2 N m22),
we wish to have the same effective heat flux as the fixed-
flux reference case described above. For a layer of depth
Dz subject to relaxation at a rate l, the effective heat
flux is

Qeff 5 2Dzr0cpl(Ts 2 T*). (9)

We chose a relaxation time scale of l 5 30 day21.1

Given Ts from the base-case fixed-flux experiment, the
desired heat flux Q [Eq. (1)], and Dz 5 10 m, this ex-
pression can be rearranged to find T*. As expected,
when the t0 5 0.2 N m22 simulation is run with this
forcing, it reaches the same equilibrium as the base-case
fixed-flux state described in the previous section, with
the same MOC transport, because the heat flux felt by
the ocean is nearly unchanged. However, when t0 is
changed, Ts can and does change, resulting in an altered
air–sea heat flux and, evidently, greater sensitivity of
Ciso to the winds.
The results of these experiments are also shown in

Fig. 5. The changes are significantly larger than the fixed-
flux case. Both MOCupper and MOClower increase with
stronger winds; this means a strengthening of the upper
cell (because it is positive: i.e., clockwise) and a weaken-
ing of the lower (negative, counterclockwise) cell. The
linear fit (Table 2) shows thatMOCupper is nearly twice as
sensitive as the fixed-flux case. Because the changes inC
are the same under both boundary conditions, the higher
sensitivity implies that the magnitude Ceddy is not as
sensitive to t0, leading to less compensation.
Viebahn and Eden (2010) performed a very similar

experiment, simulating only an upper cell and using a
relaxation boundary condition for buoyancy. Their re-
sults are broadly consistent with ours: a sensitivity of the
residual circulation much weaker than the sensitivity
of the Ekman circulation. However, they observed de-
creasing sensitivity with increasing winds, whereas the
trend in our MOCupper appears quite linear. This quali-
tative difference is most likely attributable to the differ-
ent northern boundary; they had a small, unforced basin

FIG. 5. A summary of theMOC cell strength in all of the different
experiments. The Ekman circulation C is shown in black, and the
residual circulations of the various MOC cells (upper, lower, and net
upwelling) are plotted in color. Fixed-surface-flux experiments are
represented in blue; surface-relaxation experiments are represented
in orange. The shapes correspond to the values of MOClower,
MOCupper, and MOCupwell. The reference case, t0 5 0.2 N m22, is
indicated by the dotted line.

1 This choice of parameters corresponds to a sensitivity of
›Qeff/›Ts ; 15 W m22 K21.
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therefore expect that conclusions drawn from our model
about the MOC can still apply to the real Southern
Ocean, especially to the portion of the flow that occurs
above major topographic features.

d. Residual overturning circulation

To diagnose the residual MOC, we computed a stream-
function from the time- and zonal-mean transport in iso-
pycnal layers, defined as

C iso(y,b)5
1

Dt

ðt
0
1Dt

t0

ð ðb

0
(yh) db9 dx dt, (7)

where h 5 2›z/›b is the layer thickness and b9 is a
dummy variable of integration. (In practice, the average
was performed in 22 discrete, uniformly spaced tem-
perature layers.) This technique has becomewidely used
for diagnosing transport in the presence of eddies (Döös
andWebb 1994; Henning and Vallis 2005; Hallberg and
Gnanadesikan 2006; Wolfe and Cessi 2009, 2010). The
transport thus computed includes both the Eulerian-
mean (Ekman) transport and the eddy-driven compo-
nent. We can map this streamfunction into z coordinates
by using themean depth of buoyancy surfaces, C iso(y,b)5
C iso[y, b(y, z)]. The leading-order equivalence between
C iso in z coordinates and the transformed Eulerian-mean
(TEM) residual circulation is well documented (Andrews
et al. 1987; McIntosh and McDougall 1996; see section 4
for more on TEM theory). The most climate-relevant
quantity is C iso, because it describes the circulation that
advects tracers such as heat and carbon. Henceforth,
when we refer to theMOC, we will generally be talking
about C iso as defined in (7).

The MOC is characterized by three distinct cells, as
shown in Fig. 3. In the interior of the domain, away from
the surface and the sponge layer, the MOC is directed
along mean isopycnals: that is, C iso 5C iso(b). Although
the circulation is highly idealized, it shares several im-
portant features with the real Southern Ocean MOC, as
described, for example, by Rintoul et al. (2001), Lumpkin
and Speer (2007), Talley (2008), or Marshall and Speer
(2011). The magnitude of C iso (; 0.5 Sv) is realistic: if
our channel were as long as the real Southern Ocean
(a factor of about 25), the transport would be roughly
12 Sv. The broad upwelling band at middepth can be
thought of as NADW–CDW. This upwelling water
splits into two separate cells. The upper branch travels
north, eventually encountering a region of cooling and
subduction. The subduction in this northern region along
the 48C isotherm, driven by surface heat loss and ac-
companied by low values of Ertel potential vorticity, is
reminiscent of SAMW–AAIW formation (McCartney
1977; McCarthy and Talley 1999). The water associated
with downwelling in the far south of the domain re-
sembles AABW in some respects; it is formed by
buoyancy loss and is the coldest, densest water in the
model. Given the complex physics of AABW forma-
tion on the continental shelf, the fact that much of the
AABW circulates at depths blocked by topography,
and the importance of diapycnal mixing for the lower
limb overturning (Ito and Marshall 2008), this lower
cell is not meant to be a truly realistic representation of
AABW. All the overturning cells have an adiabatic
pathway in the ocean interior and close diabatically in the
sponge layer.
The surface heat flux is specified as a fixed function

of latitude; consequently, the heat flux is felt by all

FIG. 3. The residual MOC streamfunction C iso (left) as originally diagnosed in isopycnal coordinates and (right)
mapped back to depth coordinates. The units are Sv, and the contour interval is 0.1 Sv. The solid black line in (left)
indicates the mean SST, and the gray lines are the 5% [in (left) only] and 95% levels of the SST CDF. The dotted
black is the southern boundary of the sponge layer. The mean T contours are also shown in (right) in black, and the
contour interval is 0.58C.
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0.4 Sv; MOCupper is quite weak for the weakest winds
(t0 5 0.05 and 0.1 N m22), but for the rest of the ex-
periments (0.125 N m22$ t0$ 0.3 N m22), the changes
in MOCupper are slight: it increases only from 0.5 to
0.6 Sv over this range. The linear fit for ›MOCupper/›t0
(Table 2) shows a sensitivity 1/4 of that of the Ekman
circulation. Examination of the structure of Ciso show
that, for weak winds, the upper cell becomes confined
more andmore to the surface diabatic layer and does not
reach the interior. Because MOClower does not change,
MOCupwell follows the changes in MOCupper. The small
changes in residual MOC reflect the fact that, as the
magnitude of C increases with the wind, Ceddy also

strengthens (becoming increasingly negative), leading to
a high degree of compensation between mean and eddy
circulations.

2) RELAXATION BOUNDARY CONDITION

We implement the interactive boundary condition
in the MITgcm by relaxing the temperature in the top
model level, referred to as Ts, to a prescribed function of
latitudeT*(y). For the base-case winds (t05 0.2 N m22),
we wish to have the same effective heat flux as the fixed-
flux reference case described above. For a layer of depth
Dz subject to relaxation at a rate l, the effective heat
flux is

Qeff 5 2Dzr0cpl(Ts 2 T*). (9)

We chose a relaxation time scale of l 5 30 day21.1

Given Ts from the base-case fixed-flux experiment, the
desired heat flux Q [Eq. (1)], and Dz 5 10 m, this ex-
pression can be rearranged to find T*. As expected,
when the t0 5 0.2 N m22 simulation is run with this
forcing, it reaches the same equilibrium as the base-case
fixed-flux state described in the previous section, with
the same MOC transport, because the heat flux felt by
the ocean is nearly unchanged. However, when t0 is
changed, Ts can and does change, resulting in an altered
air–sea heat flux and, evidently, greater sensitivity of
Ciso to the winds.
The results of these experiments are also shown in

Fig. 5. The changes are significantly larger than the fixed-
flux case. Both MOCupper and MOClower increase with
stronger winds; this means a strengthening of the upper
cell (because it is positive: i.e., clockwise) and a weaken-
ing of the lower (negative, counterclockwise) cell. The
linear fit (Table 2) shows thatMOCupper is nearly twice as
sensitive as the fixed-flux case. Because the changes inC
are the same under both boundary conditions, the higher
sensitivity implies that the magnitude Ceddy is not as
sensitive to t0, leading to less compensation.
Viebahn and Eden (2010) performed a very similar

experiment, simulating only an upper cell and using a
relaxation boundary condition for buoyancy. Their re-
sults are broadly consistent with ours: a sensitivity of the
residual circulation much weaker than the sensitivity
of the Ekman circulation. However, they observed de-
creasing sensitivity with increasing winds, whereas the
trend in our MOCupper appears quite linear. This quali-
tative difference is most likely attributable to the differ-
ent northern boundary; they had a small, unforced basin

FIG. 5. A summary of theMOC cell strength in all of the different
experiments. The Ekman circulation C is shown in black, and the
residual circulations of the various MOC cells (upper, lower, and net
upwelling) are plotted in color. Fixed-surface-flux experiments are
represented in blue; surface-relaxation experiments are represented
in orange. The shapes correspond to the values of MOClower,
MOCupper, and MOCupwell. The reference case, t0 5 0.2 N m22, is
indicated by the dotted line.

1 This choice of parameters corresponds to a sensitivity of
›Qeff/›Ts ; 15 W m22 K21.
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therefore expect that conclusions drawn from our model
about the MOC can still apply to the real Southern
Ocean, especially to the portion of the flow that occurs
above major topographic features.

d. Residual overturning circulation

To diagnose the residual MOC, we computed a stream-
function from the time- and zonal-mean transport in iso-
pycnal layers, defined as

C iso(y,b)5
1

Dt

ðt
0
1Dt

t0

ð ðb

0
(yh) db9 dx dt, (7)

where h 5 2›z/›b is the layer thickness and b9 is a
dummy variable of integration. (In practice, the average
was performed in 22 discrete, uniformly spaced tem-
perature layers.) This technique has becomewidely used
for diagnosing transport in the presence of eddies (Döös
andWebb 1994; Henning and Vallis 2005; Hallberg and
Gnanadesikan 2006; Wolfe and Cessi 2009, 2010). The
transport thus computed includes both the Eulerian-
mean (Ekman) transport and the eddy-driven compo-
nent. We can map this streamfunction into z coordinates
by using themean depth of buoyancy surfaces, C iso(y,b)5
C iso[y, b(y, z)]. The leading-order equivalence between
C iso in z coordinates and the transformed Eulerian-mean
(TEM) residual circulation is well documented (Andrews
et al. 1987; McIntosh and McDougall 1996; see section 4
for more on TEM theory). The most climate-relevant
quantity is C iso, because it describes the circulation that
advects tracers such as heat and carbon. Henceforth,
when we refer to theMOC, we will generally be talking
about C iso as defined in (7).

The MOC is characterized by three distinct cells, as
shown in Fig. 3. In the interior of the domain, away from
the surface and the sponge layer, the MOC is directed
along mean isopycnals: that is, C iso 5C iso(b). Although
the circulation is highly idealized, it shares several im-
portant features with the real Southern Ocean MOC, as
described, for example, by Rintoul et al. (2001), Lumpkin
and Speer (2007), Talley (2008), or Marshall and Speer
(2011). The magnitude of C iso (; 0.5 Sv) is realistic: if
our channel were as long as the real Southern Ocean
(a factor of about 25), the transport would be roughly
12 Sv. The broad upwelling band at middepth can be
thought of as NADW–CDW. This upwelling water
splits into two separate cells. The upper branch travels
north, eventually encountering a region of cooling and
subduction. The subduction in this northern region along
the 48C isotherm, driven by surface heat loss and ac-
companied by low values of Ertel potential vorticity, is
reminiscent of SAMW–AAIW formation (McCartney
1977; McCarthy and Talley 1999). The water associated
with downwelling in the far south of the domain re-
sembles AABW in some respects; it is formed by
buoyancy loss and is the coldest, densest water in the
model. Given the complex physics of AABW forma-
tion on the continental shelf, the fact that much of the
AABW circulates at depths blocked by topography,
and the importance of diapycnal mixing for the lower
limb overturning (Ito and Marshall 2008), this lower
cell is not meant to be a truly realistic representation of
AABW. All the overturning cells have an adiabatic
pathway in the ocean interior and close diabatically in the
sponge layer.
The surface heat flux is specified as a fixed function

of latitude; consequently, the heat flux is felt by all

FIG. 3. The residual MOC streamfunction C iso (left) as originally diagnosed in isopycnal coordinates and (right)
mapped back to depth coordinates. The units are Sv, and the contour interval is 0.1 Sv. The solid black line in (left)
indicates the mean SST, and the gray lines are the 5% [in (left) only] and 95% levels of the SST CDF. The dotted
black is the southern boundary of the sponge layer. The mean T contours are also shown in (right) in black, and the
contour interval is 0.58C.
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Wind variability & the RMOC

In  the limit                     :U10 � us

⌧ resting = ⇢acd |U10|U10

Based on vertical turbulent momentum transfer:

⌧ relative = ⇢acd |U10 � us| (U10 � us)

๏ Mean wind stress can be changed by changing 
the mean atmospheric wind and/or its variability. 

๏ Even very high frequency variability (less than 
diurnal) can make a large impact on the wind 
stress and power input (Zhai et al. 2012; Wu et 
al. 2016).
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๏ Mean wind stress can be changed by changing 
the mean atmospheric wind and/or its variability. 
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๏ Mean wind stress can be changed by changing 
the mean atmospheric wind and/or its variability. 

๏ Even very high frequency variability (less than 
diurnal) can make a large impact on the wind 
stress and power input (Zhai et al. 2012; Wu et 
al. 2016).
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๏ Changing the wind stress by altering the 
variability of the wind, instead of its mean, 
leads to very different sensitivity of the 
RMOC. 

๏ This is due to a shift in the power budget, 
which leads to dissipation of KE near the 
surface and increased surface diffusivity. 

๏ Same change in power budget seen by 
Jouanno et al. (2016) and Sinha & 
Abernathey (2016).
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leads to very different sensitivity of the 
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๏ This is due to a shift in the power budget, 
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surface and increased surface diffusivity. 

๏ Same change in power budget seen by 
Jouanno et al. (2016) and Sinha & 
Abernathey (2016).
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๏ Changing the wind stress by altering the 
variability of the wind, instead of its mean, 
leads to very different sensitivity of the 
RMOC. 

๏ This is due to a shift in the power budget, 
which leads to dissipation of KE near the 
surface and increased surface diffusivity. 

๏ Same change in power budget seen by 
Jouanno et al. (2016) and Sinha & 
Abernathey (2016).

a) Control wind stress b) Extreme wind stress

๏ Changing the wind stress by altering the 
variability of the wind, instead of its mean, 
leads to very different sensitivity of the 
RMOC. 

๏ This leads to much steeper isotherms near 
the surface, with much less steep isotherms 
outside of the mixed layer.



Summary

๏ EKE/SSH variance compare well, as expected at this grid 
spacing. 

๏ Peak EKE values exceed altimetry, which is usual.

๏ Model shows typical shallow mixed layer in summer and 
deep & non-zonally symmetric in winter. 

๏ Quantified against an older, incomplete, data set using 
simple criteria.

๏ Temperature variance shows interesting minima within 
ACC latitudes - looking for more information. 

๏ Over Agulhas Extension there is a maxima coincident with 
where power is extracted by the varying wind.

๏ Resetting hydrography to initial condition over first 2-3 
years improves maintenance of low salinity in ACC core. 

๏ Persists over first 7-10 years.





⌧ · us ⇡ ⇢0rbub · ub

Model Outputs

⌧ · us + ⌧ 0 · u0
s ⇡ ⇢0rbub · ub + ⇢0rbu0

b · u0
b

Vertically-integrated KE Budget

Reynolds Average

๏ Could use a series of 5 day means of wind stress and ocean velocity at the 
surface and bottom, but this will miss out the high frequencies of both. 

๏ Better to get the total quantity as an average directly. Particularly important 
if you want to close a budget.
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[31] Following Ponte and Rosen [2004], we now go on
to discuss the implication for the wind vorticity forcing of
the ocean general circulation. Figure 6a shows the global
wind stress curl calculated from the time-mean wind stress,
i.e., k̂ !r " s, where k̂ is the unit vector pointing in the
vertically upward direction. The main features of the wind
stress curl field are quantitatively similar to those found
previously, although due to its coarse resolution the NCEP
wind field poorly resolves some of the small-scale features
such as gap winds in Central America [e.g., Risien and
Chelton, 2008]. When wind fluctuations are not taken into
account in the stress calculation, the magnitude of the wind
stress curl k̂ !r " sm

! "
is significantly reduced almost

everywhere, especially at high latitudes where the reduc-
tion can be as much as 80% (Figure 6c), albeit the spatial
structure remains largely unchanged (Figure 6b).
[32] One of the direct consequences of such a large differ-

ence in wind stress curl is on Sverdrup dynamics. The
Sverdrup balance relates the depth-integrated meridional vol-
ume transport in the ocean, V, to the large-scale wind stress
curl, assuming that the abyssal velocities are negligible, i.e.,

!V ¼ k̂ !r " s="0; ð14Þ

where ! is the meridional gradient of the Coriolis parame-
ter and "0 is the constant reference density of sea water.
The depth-integrated transport streamfunction associated

with the mean stress, w, is given by integrating (14) west-
ward from the eastern boundary to the outside of the west-
ern boundary in each of the major ocean basins:

w #;$ð Þ ¼ 1
"0!

Z #

#e

k̂ !r " s
! "

d#0; ð15Þ

where $ is latitude, # is longitude, and #e is the longitude
of the eastern boundary. It is now clear that over much of
the subtropical and lower-latitude ocean, Sverdrup balance
provides a quantitatively useful estimate of the meridional
transport, but it fails in the Southern Ocean and high north-
ern latitudes [e.g., Wunsch, 2011; Thomas, 2012]. There-
fore, we focus our attention here on the implication of the
different wind stress curl fields for Sverdrup transport in
the subtropical regions, but show the global picture for
completeness. The main features of w calculated from the
time-mean stress are quantitatively similar to those of the
previous estimates using different wind products [e.g.,
Josey et al., 2002; Talley et al., 2011]. For example, the
maximum southward transports off the southern tip of Ja-
pan in the North Pacific and to the east of the Straits of
Florida in the North Atlantic are about 40 and 20 Sv,
respectively (Figure 7a). When wind fluctuations are not
taken into account in the stress calculation, the magnitude

of the Sverdrup transport (wm ¼ 1
"0!

Z #

#e

k̂ !r " sm
! "

d#0 ;

Figure 5. Power input (W m& 2) by (a) the time-mean wind stress (P) and (b) stress calculated from the
mean winds alone (Pm). (c) The zonally integrated P (red) and Pm (blue) in units of W m& 1.
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Upper ocean heat content
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Ocean Adjoint Modelling - Dan Jones
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SensiDvity of 2008 mixed layer heat content to net heat flux [°C/(W/m2)]
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